Abstract Large-scale patterns of net community production (NCP) were estimated during the late summer cruise ARK-XXVI/3 (TransArc, August/September 2011) to the central Arctic Ocean. Several approaches were used based on the following: (i) continuous measurements of surface water oxygen to argon ratios (O 2 /Ar), (ii) underway measurements of surface partial pressure of carbon dioxide (pCO 2 ), (iii) discrete samples of dissolved inorganic carbon, and (iv) dissolved inorganic nitrogen and phosphate. The NCP estimates agreed well within the uncertainties associated with each approach. The highest late summer NCP (up to 6 mol C m À2 ) was observed in the marginal sea ice zone region. Low values (<1 mol C m À2 ) were found in the sea ice-covered deep basins with a strong spatial variability. Lowest values were found in the Amundsen Basin and moderate values in the Nansen and Makarov Basins with slightly higher estimates over the Mendeleev Ridge. Our findings support a coupling of NCP to sea ice coverage and nutrient supply and thus stress a potential change in spatial and temporal distribution of NCP in a future Arctic Ocean.
Introduction
The central Arctic Ocean and its adjacent shelf seas are a system in transition under the influence of natural and anthropogenic processes. These include the declining summer sea ice extent, with the record minimum in September 2012 [Laxon et al., 2013] , and the warming of its surface waters [Steele et al., 2008] . Other physical changes have been reported [Karcher et al., 2012; McGuire et al., 2006; Morison et al., 2012; Nicolaus et al., 2012] , as well as shifts in Arctic ecosystems Li et al., 2009; Pabi et al., 2008] . Combined, these changes are likely to affect the Arctic primary production regime [Tremblay and Gagnon, 2009] although it is not possible to say to what extent and in which direction.
The Arctic Ocean takes up substantial amounts of carbon dioxide (CO 2 ) from the atmosphere annually, thus having an important influence on the global carbon cycle [Bates and Mathis, 2009; Macdonald et al., 2009] . The anthropogenic carbon inventory of the intermediate layers has increased during the last two decades [Ericson et al., 2014] , and the anthropogenic CO 2 concentration of the Arctic Ocean is nearly twice that of the global mean [Tanhua et al., 2009] . Vertical transport of carbon to the deep central Arctic Ocean is promoted by convective ventilation of subsurface waters. This results from the cooling of warm inflowing surface waters [e.g., Mauritzen, 1996] and brine release during sea ice formation [Anderson et al., 2004a; Else et al., 2011] . In contrast, there is a notion of very low export fluxes of organic matter to the deep basins [Anderson et al., 2003; Cai et al., 2010] .
PUBLICATIONS

Global Biogeochemical Cycles RESEARCH ARTICLE
10.1002/2014GB004833
Key Points:
• Late summer NCP in the central Arctic
Ocean by multiple approaches • High NCP in the marginal sea ice zone and low NCP in the central basins • Basin-specific variability coupled to sea ice cover and nutrient supply
Supporting Information:
• Readme • Figure S1 • Figure S2 • Figure S3 • Figure S4 • Table S1 • Table S2 • Table S3 • Table S4 • Table S5 • Table S6 Correspondence to: A. Ulfsbo, ulfsbo@chem.gu.se and heterotrophic respiration. Since storage of organic carbon in the mixed layer is likely to be modest with respect to NCP over large spatial and temporal scales, NCP approximates carbon export production [Falkowski et al., 2003] . Most studies of primary production and NCP in the Arctic Ocean have focused on the productive marginal seas, particularly the Barents and Bering Seas [e.g., Cross et al., 2012; Sakshaug, 2004; Shadwick et al., 2011; Wassmann et al., 2006] . This is in part due to the inaccessibility of the central Arctic Ocean. Current estimates of annual or seasonal average primary production and NCP for the ice-covered deep basins of the central Arctic Ocean are generally low compared to the adjacent shelf seas [Anderson et al., 2003; Codispoti et al., 2013; Sakshaug, 2004] . Recent studies based on satellite monitoring have suggested an increase in net primary production (i.e., gross primary production minus autotrophic respiration) during the period 1998 to 2009, likely as a result of the shrinking sea ice cover [Arrigo and van Dijken, 2011] . Massive phytoplankton blooms have lately been observed under the Arctic sea ice [Arrigo et al., 2012] as well as unprecedented, widespread export and deposition of algal biomass from the melting sea ice [Boetius et al., 2013] .
Primary production in the central Arctic Ocean is primarily limited by light and nutrients [Popova et al., 2010; Sakshaug, 2004; Vancoppenolle et al., 2013] . The high-latitude seasonal light regime constrains the timing and duration of the growing season. Light transmittance into the surface ocean is strongly influenced by ice concentration, ice thickness and type, and snow cover [Nicolaus et al., 2012] . With a declining sea ice extent, annual Arctic primary production is expected to increase due to a greater area exposed to light, leading to a longer growing season if nutrients are available.
In a more open Arctic Ocean, nutrients may become the more important limiting factor [Tremblay and Gagnon, 2009] , although wind-driven upwelling of nutrient-rich deep waters is expected to increase shelf production [Carmack and Chapman, 2003] .
The input of nutrients into the photic zone is governed by the strong density stratification of the mixed layer, ocean mixing, upwelling, eddy events and by the nutrient concentrations of the different source waters [e.g., Codispoti et al., 2013] .
The seasonal NCP can be estimated from the drawdown (depletions or deficits) of inorganic matter in the surface ocean. This approach has been applied in the central Arctic Ocean and its marginal seas, using either seasonal data [Mathis et al., 2010; Shadwick et al., 2011] or estimates of fractions and preformed concentrations of the different source waters entering the Arctic Ocean [Anderson et al., 2003; Fransson et al., 2001] .
To better constrain the NCP in the central Arctic Ocean, we expand these approaches to assess the large-scale distribution, magnitude, and variability of the NCP, using data acquired during late summer 2011. We exploit several approaches based on (i) continuous measurements of surface water oxygen to argon ratios (O 2 /Ar), (ii) surface water pCO 2 , (iii) discrete samples of dissolved inorganic carbon (DIC), and (iv) dissolved inorganic nitrogen and phosphate. Our measurements provide a quantitative documentation of the current state to assess potential future changes in an Arctic Ocean with decreasing summer sea ice extent.
Oceanographic Setting
The oceanographic setting is critical to primary production in the Arctic Ocean and to the computation of NCP by the different methods presented below. The water circulation below the halocline is largely topographically driven, with cyclonic circulation within the four deep basins: the Nansen, Amundsen, Canada, and Makarov Basins [Rudels et al., 1994] (Figure 1 ). The waters feeding into the subsurface layers of these basins come from the Atlantic Ocean and enter both through Fram Strait and via the Barents Sea. The surface water circulation pattern is divided into two major regimes: one large anticyclonic circulation in the Canada and Makarov Basins, i.e., the Beaufort Gyre, and one more direct flow of water from the Siberian Shelf region toward Fram Strait via the Nansen and Amundsen Basins [Jones et al., 1998] . The boundary between these two circulation patterns varies with time and is determined by the large-scale atmospheric pressure field [Bourgain et al., 2013] .
The horizontal supply of water to the surface layers of the central basins is both from the Pacific Ocean through the Bering Sea and from the Atlantic Ocean along the continental shelf seas all the way to the East Siberian Sea. Added to this are vast amounts of river water, which have a strong seasonal signal with low input in winter and a strong spring flood. For example, the average nitrate concentration of six large rivers (Ob, Yenisey, Lena, Kolyma, Yukon, and Mackenzie) is~3 μM in the summer and~14 μM in the winter [Holmes et al., 2012] with an annual mean of~6 μM. Total dissolved phosphate is~0.6 μM and does not vary much throughout the year. The long residence time of several years of the water on the shelves [Ekwurzel et al., 2001; Popova et al., 2013] attenuates this seasonal signal within the deep central basins.
Farther offshore, away from the shelf seas, a seasonal signal in the salinity of the surface water originates from melting sea ice in summer and freezing during winter. Brine release by sea ice formation triggers convection which leads to a homogeneous winter mixed layer. This layer has a depth that varies from more than 100 m north of the Barents Sea where the Atlantic water enters the deep Arctic Ocean, to less than 50 m in the central regions [Rudels et al., 1996] . The exact depth of the surface winter mixed layer varies annually depending on the production of sea ice. During summer, sea ice melt contributes in forming a summer halocline. The waters above the summer halocline are homogenized by mechanical mixing induced by wind stress and ice drag, giving rise to a summer mixed layer. The mechanical mixing does not reach as deep as the convection triggered by density increase, and thus, the summer mixed layer is much shallower than the winter mixed layer.
During winter, the homogenization of the upper water column contributes to nutrient availability at the beginning of the next productive season. Nutrients are additionally supplied by inflow from the Atlantic and Pacific Oceans, where the latter exhibits higher concentrations. Riverine nutrient input differs amongst the large Arctic rivers [e.g., Holmes et al., 2012] , is partially consumed within the vast shelf seas and will thus not add to the surface waters of the central basins. The halocline of the central basins is supplied by shelf bottom waters, which have a strong signal of organic matter remineralization. This water, known as the upper halocline, is mainly confined to the Pacific sector of the Arctic Ocean, with its presence in the Atlantic sector depending on the atmospheric pressure field. Depending on the wind and sea ice conditions over the continental margins, the upper halocline water can be mixed up into the surface during extreme events [Carmack and Chapman, 2003 ], thus adding nutrients to the photic zone. 
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3. Methods
Sampling
Discrete samples were collected and analyzed onboard the R/V Polarstern during the transpolar cruise ARK-XXVI/3 (TransArc) from 5 August (Tromsø, Norway) to 7 October (Bremerhaven, Germany) in 2011 [Schauer, 2012] . A standard conductivity-temperature-depth (CTD)/rosette water sampler system (Seabird® SBE9+ CTD/SBE32, 24 × 12 L Niskin bottles) was deployed at 111 stations. Of these, 53 stations yielded a complete data set of physical and biogeochemical properties including pressure, salinity, temperature, oxygen, fluorescence ; DIC, total alkalinity (TA), and pH [Anderson et al., 2011] ; as well as nitrate, nitrite, ammonium, phosphate, and silicate. Sampling of biogeochemical constituents was limited to outside of the Russian Exclusive Economic Zone (EEZ). The transects in the central Arctic Ocean span the Nansen, Amundsen, Canada, and Makarov Basins, separated by the Gakkel, Lomonosov, Alpha, and Mendeleev Ridges (Figure 2 ). Water for underway O 2 /Ar and pCO 2 was taken from the ship's seawater intake near the bow of the ship at approximately 8 m below the waterline. A centrifugal pump (stainless steel/Teflon) with a fixed capacity of 4 m 3 h À1 supplied the water, of which a fraction was sampled.
Analytical Procedures
Biological oxygen supersaturation, Δ(O 2 /Ar) (see section 3.3) [Craig and Hayward, 1987; Emerson et al., 1991] , was continuously measured in seawater from the ship's seawater intake using Equilibrator Inlet Mass Spectrometry [Cassar et al., 2009] . Briefly, seawater is pumped through a gas equilibrator, the headspace of which is connected to a quadrupole mass spectrometer (QMG 220 Prisma Plus 1-100 amu/Pfeiffer) for continuous elemental O 2 /Ar ratio measurements. The ion current ratio was calibrated with air calibrations every 3 h. The instrument precision is ±0.3% or better [Cassar et al., 2009] .
Nutrient concentrations were determined by a spectrophotometric autoanalyzer (Evolution III, Alliance instruments), using standard seawater methods. All nutrient samples were analyzed in duplicate with a precision of ±0.01 μM for phosphate, ±0.05 μM for nitrate and silicate in the concentration range from 0 to 20 μM, and ±0.1 μM for the higher concentrations. Calibration was performed (postcruise) on salinity and oxygen sensors from the CTD using discrete bottle samples, collected, and analyzed on board. The fluorescence measurements (Dr. Haardt fluorometer) were not calibrated against chlorophyll a [Schauer, 2012] .
Samples of the carbonate system were collected in Pyrex® borosilicate bottles (250 mL) according to Dickson et al. [2007] [Haraldsson et al., 1997] with a precision of ±1-2 μmol kg À1 . Here too, accuracy was ensured by routine analysis of CRM with a correction factor ranging from 0.996 to 1, depending on station. pH was determined spectrophotometrically (Agilent 8453) [Clayton and Byrne, 1993] on the total scale at 15°C (pH 15 tot ). The perturbation of sample pH by addition of indicator solution (bulk meta-cresol purple sodium salt, Aldrich Lot #MKBC2604V) was corrected for using the method described by Chierici et al. [1999] . The overall precision from duplicate sample analysis was ±0.0004 units. The accuracy is mainly set by the accuracy in the temperature measurements and the determination of the equilibrium constants of the indicator and has been reported to be of the order of ±0.002 units [Dickson, 1993] . The carbonate system was overdetermined (DIC, TA, and pH) and was checked for internal consistency (Table S1 in the supporting information).
The partial pressure of carbon dioxide (pCO 2 ) was measured underway from the bow surface seawater intake by a permanently installed General Oceanics system (GO8050) with a nondispersive infrared CO 2 sensor (LI-COR® 7000). Because the measured pCO 2 is strongly dependent on temperature, the temperature difference between the water at the intake and in the equilibrium chamber of the GO system was recorded. Two thermosalinographs (Sea-Bird SBE4) in the bow (6 m) and the keel (11 m) thruster tunnels provided temperatures; note that the bow system was not employed during sea ice crossing [Schauer, 2012] . Calibration was performed several times per day against a series of four standard gases. The pCO 2 data were processed according to Pierrot et al. [2009] and Surface Ocean CO 2 Atlas (SOCAT)-approved methods [Pfeil et al., 2013] . The overall uncertainty was estimated to ±2 ppm.
NCP From Oxygen Mass Balance (NCP O2/Ar )
Biologically mediated oxygen supersaturation in the surface ocean reflects the net metabolic balance between photosynthesis and respiration, i.e., NCP [Reuer et al., 2007] . The biological oxygen supersaturation was derived from underway O 2 /Ar measurements where the physical processes affecting oxygen concentrations (e.g., temperature change, bubble entrainment, and mixing of waters with different temperatures) are accounted for by measuring argon (Ar), which has similar solubility properties as oxygen [Craig and Hayward, 1987] . The deviation of the O 2 /Ar ratio from its saturation concentration ratio is defined as follows:
where Δ(O 2 /Ar) represents the biological oxygen supersaturation . We assume that the summer mixed layer is at steady state with respect to O 2 in the surface layer such that O 2 efflux to the atmosphere balances NCP (see discussion below about errors associated with this approximation).
Daily NCP O2/Ar rates are estimated from the biological oxygen saturation, the oxygen concentration at saturation ([O 2 ] sat ), a gas transfer velocity k O2 ð Þ, and a stoichiometric O 2 :C ratio of 1.4 [Laws, 1991] according to
The oxygen solubility is calculated from atmospheric pressure, temperature, and salinity [Garcia and Gordon, 1992] . The gas transfer velocity of oxygen (piston velocity) is estimated from the wind speed-dependent parameterization of Wanninkhof [1992] using wind components from the European Centre for MediumRange Weather Forecasts Interim Re-analysis product (6 h, 0.75°resolution) and is weighted for wind history [Reuer et al., 2007] . The estimated gas transfer velocity includes the effect of salinity and temperature on gas solubility. Linear [Bates, 2006; Long et al., 2011] and nonlinear [Loose et al., 2009] ice cover corrections are applied to the gas transfer velocity as a function of the fraction of open water, which for the latter case is given by
where k 100 is the piston velocity in open water. Ice concentration was interpolated along the cruise track from satellite data (AMSR-E 89 GHz until 4 October 2011, 6.25 km, available online at http://www.iup.physik.unibremen.de:8084/ssmis/) [Spreen et al., 2008] synthesized from sea ice concentration maps from different days taking into account the changing sea ice cover during the cruise.
The daily NCP O2/Ar (mmol C m À2 d
À1
) estimates are multiplied by a growing season of 90 days [cf. Codispoti et al., 2013] for comparison to the seasonal approaches (mol C m À2 ) which are described in the subsequent sections.
NCP From Seasonal Drawdown of DIC (NCP DIC and NCP pCO2 )
Seasonal drawdown of DIC can be estimated by using estimates of preformed concentrations of dissolved inorganic matter as initial or winter concentrations, representing the concentrations of the waters entering the central Arctic Ocean [Anderson et al., 2003; Fransson et al., 2001] . Thus, these estimates reflect NCP integrated over the growing season up to the point of sampling. Preformed winter DIC concentrations are estimated from the fractions of seawater ( ƒ sw ), river runoff (ƒ rro ), and sea ice meltwater (ƒ sim ) using the corresponding end-member concentrations in the different source waters (Table 1) :
The fractions ƒ sw , ƒ rro , and ƒ sim are estimated according to the following three-component mass balance equations [Anderson et al., 2004b; Yamamoto-Kawai et al., 2005] :
The river runoff fraction reflects the meteoric fraction within this study. The end-member concentrations from the different source waters used above are given in Table 1 . These concentrations were derived from linear regression of all TA-S data deeper than 20 m (TA = 30.98S + 1217, n = 1162, R 2 = 0.91, p < 0.001) ( Figure S1 ). The salinity of the seawater end-member of this regression line is 34.86, corresponding to a TA concentration of 2297 μmol kg À1 . The river runoff end-member was 1217 μmol kg À1 and is assumed to be a valid mean concentration for the region of study, even if it is somewhat higher than the flow-weighted average from the major rivers entering the Arctic Ocean [Cooper et al., 2008] . The sea ice meltwater is ascribed a salinity of 4 [Anderson et al., 2004b; Ekwurzel et al., 2001] , making no distinction between multiyear ice and first-year ice. The TA concentration of sea ice meltwater is set to 450 μmol kg À1 based on Rysgaard et al.
[2012] and preliminary sack-hole measurements from ice station 218 (n = 5) during our cruise. The concentrations are used for estimates of the relative fractions of seawater, river runoff, sea ice meltwater, and preformed concentrations of DIC.
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The DIC end-member concentrations for river runoff and sea ice meltwater are derived in a similar manner to TA (DIC = 23.64S + 1342, n = 1162, R 2 = 0.64, p < 0.001) (Figures S1 and S2) . The difference between the preformed winter DIC concentrations and the measured discrete DIC concentrations integrated within the summer mixed layer is assumed to represent the seasonal biological drawdown of DIC, i.e., NCP DIC :
Additionally, temporally high-resolution DIC concentrations were calculated with the widely used CO2SYS program [van Heuven et al., 2009 ] from underway pCO 2 measurements and total alkalinity, where the latter was obtained from a fixed salinity-total alkalinity relationship from the top 20 m (TA = 33.86S + 1108, n = 113, R 2 = 0.75, p < 0.001) ( Figures S1 and S2 ), using the stoichiometric dissociation constants of carbonic acid (K 1 * and K 2 * ) and bisulfate (K HSO4 * ) given by Roy et al. [1993] and Dickson [1990] , respectively. Underway NCP pCO2 estimates are derived from these calculated DIC concentrations and the preformed DIC concentrations within the summer mixed layer, similar to the approach for the discrete NCP DIC (equation (8)). The summer mixed layer depth (MLD s ) was estimated from CTD profiles and is defined as the depth at which the density increases from its surface value to 20% of the difference between 100 m and surface values [Rutgers van der Loeff et al., 2014; Shaw et al., 2009] . We assume an average MLD s of 21 m for all stations.
NCP From Seasonal Drawdown of Nutrients and DIC (NCP nuts )
Biological seasonal drawdown of nutrients can be estimated from the difference between summer concentrations in the surface mixed layer and winter surface water concentrations, either by using seasonal data [Mathis et al., 2010; Shadwick et al., 2011] or by inferring winter concentrations from summer profiles [Jennings et al., 1984] . Data of winter and spring concentrations are scarce in the central Arctic Ocean [cf. Codispoti et al., 2013] . Therefore, following Rudels et al. [1996] , the temperature minimum located below the halocline, inferred from summer CTD profiles, is assumed to indicate the depth of winter convection during the previous winter (MLD w ). If no obvious temperature minimum is found, salinity profiles are included in the analysis since a steepening of the salinity gradient often begins directly below the temperature minimum.
We assume the temperature minimum to be remnant of the mixed layer formed during the previous winter and thus represent the properties of the winter mixed layer. Nutrients are assumed to have similar conservative properties as temperature and salinity such that surface layer depletions in nutrients are only ascribed to biological drawdown. Vertical and lateral mixing in the surface layer and the temperature minimum are assumed to be small. Thus, the water column down to the base of the winter mixed layer is assumed to be affected by spatially homogeneous biogeochemical and physical processes only and also that realistic temporal scales (e.g., growing season) are considered, over which the depletion occurs [Hoppema et al., 2000 [Hoppema et al., , 2007 Jennings et al., 1984] . This approach has previously been successfully applied in the Southern Ocean [e.g., Hoppema et al., 2000 Hoppema et al., , 2007 Ishii et al., 2002] , where similar or equal nutrient concentrations were found at the temperature minima during summer compared to the winter water surface layer [Pondaven et al., 2000; Rubin et al., 1998 ]. The nutrient concentrations at the temperature minimum are acquired through linear interpolation between nearest neighboring sampling depths.
Two sets of NCP nuts estimates are derived from vertically integrated deficits [Hoppema et al., 2000] 
, phosphate (P), and DIC (C); (i) over the summer mixed layer for comparison to the previously described approaches and (ii) over the winter mixed layer, according to
where X denotes the nutrient (N, P, or C) and R C/X denotes the carbon to nutrient stoichiometric ratio. "Initial" refers to the nutrient concentration of the layer at the beginning of the growing season (i.e., the nutrient concentration obtained at the depth of the temperature minimum), and "measured" refers to the profile samples. As the dilution by sea ice melt and river runoff is assumed to have a negligible impact on nutrient concentrations, this approach does not add any unknown errors compared to the previous approach (section 3.4). For DIC and TA, this dilution may have a major effect relative to the impact by NCP.
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Note that NCP C denotes the vertically integrated deficits of DIC in this approach, not to be confused with NCP DIC (see section 3.4). DIC was normalized according to [Friis et al., 2003] :
where DIC rro is the river runoff end-member concentration (Table 1 ). The nutrient deficits were converted to carbon deficit equivalents through the Redfield stoichiometric ratio of 106C:16N:1P [Redfield et al., 1963] . The calculated deficits represent the time-integrated changes of the summer and winter surface layers from the end of the winter period to the point of sampling.
Results
Hydrographic Structure
All surface waters, except along the transect closest towards the Laptev Sea (Figure 3 , Section VI), were cold and close to the freezing point with a strong thermocline (~100-200 m) separating them from the underlying warmer water of Atlantic origin (Figure 3 ). The temperature of the Atlantic layer decreased from the Nansen Basin toward the Canada Basin (Section I) as did the salinity in the upper surface layers. Low-salinity (~28) surface water was observed in the Makarov Basin (Section lII) and the crossing of the Amundsen Basin (Section IV) closest to the Laptev Sea (Figure 3a) , indicating a strong flow of riverinederived shelf water from the Laptev Sea region. Sea ice meltwater contributed substantially to the freshwater at the surface of the section along the Gakkel Ridge, heading toward the Laptev Sea (Section VI) and added about an equal amount (i.e., 5% to 10%) as the river runoff (Figures 3d and 3e) . Over the Alpha-Mendeleev Ridge (Sections II-IV), a fair fraction (up to 5%) of sea ice melt was observed. However, in this region the river runoff contribution was very high (more than 15%), making the sea ice melt fraction relatively smaller. A slight signature of negative sea ice meltwater, i.e., a signature of brine from sea ice formation, was seen below the layer of sea ice melt (Figure 3e ). Dissolved oxygen concentrations exhibited supersaturated levels throughout the summer mixed layer (Figure 3c ), except for a slight undersaturation in the Amundsen Basin (Section I) and toward the Laptev Sea (Section VI). The vertical structure of dissolved oxygen reflected the different water masses in the different basins, and an obvious subsurface minimum centered at round 100 m was observed in the Canada Basin (Section III) below the depth of the winter mixed layer.
The average MLD w was 63 ± 20 m in the Nansen Basin, 57 ± 14 m in the Amundsen Basin, and 53 ± 7 m in the Makarov Basin (Sections I and II). Stations above ridges and close to the slope were not included in these estimates. A shallow MLD w (40 m) was found over the shelf north of Franz Josef Land (Figure 3 ), followed by a drastic drop (90 m) offshore from the continental slope which was again seen offshore north of Severnaya Zemlya (Section V). The MLD w was variable throughout the Nansen Basin (60-100 m) with greater depths in the central basin, followed by shallower MLD w in the Amundsen Basin and even shallower ones in the Canada Basin (40 m). Slightly deeper MLD w was found in the Makarov Basin, peaking (30 m) along the eastern transect over the Lomonosov Ridge (Section IV) and then returning to similar depths as those found along the central transects in the Amundsen and Nansen Basins. During summer, the mixed layer is significantly shallower and the average MLD s was 21.5 ± 4.2 m for all stations occupied during the cruise (Stations 201-280).
Sea Ice Conditions
The sea ice conditions in late summer 2011 were recently described by Nicolaus et al. [2012] . Briefly, the sea ice extent was 5.5 million km 2 with a mean sea ice concentration of 63% with little or no snow cover in general. First-year ice (FYI) dominated the eastern Eurasian and Makarov Basins, whereas multi-year ice (MYI) dominated the central Amundsen Basin and the western subregions. During the cruise there was extensive melt pond coverage ( Figure 5 ) for both FYI (42 ± 10%) and MYI (23 ± 13%). Ice stations occupied prior to reaching 90°N had open melt ponds, while surface freezing was observed thereafter.
Nutrients and Fluorescence
The nutrient distributions were largely determined by water masses and the general ocean circulation, with imprints of biogeochemical processes. These were dominated by primary production in the surface water where the concentrations were very low (Figures 4a-4c ). Two apparent peaks in fluorescence were observed at the shelf break north of Franz Josef Land (Section I) and south of the Gakkel Ridge in the Nansen Basin (Section V). However, generally, the fluorescence intensity was not very high and mostly found in the top 20 m (Figure 4f ). This was shallower than the nitrate and even more than the phosphate drawdown depth, indicating a low supply of nutrients in this region.
Another feature in the nutrient sections was the subsurface maximum in the area closest to the Canada Basin (Section III) which also coincided with the oxygen minimum (Figure 3c ). The maximum was most obvious in silicate and phosphate (Figures 4b and 4c ) but could to some extent also be observed in nitrate (Figure 4a ).
Carbonate System
The DIC and TA distributions along the cruise track largely reflected the salinity as the impact by biogeochemical processes was relatively small (Figures 4d and 4e ). There was a small drawdown of DIC in the surface water of the Nansen Basin in the regions with the highest fluorescence. The largest signature in pH 15 tot and pCO 2 (calculated from TA, pH 15 tot , and in situ temperature) was found in the subsurface waters at around 100 m depth (Figures 4g and 4h) , with the magnitude highest toward the Canada Basin (Section V). This coincided with high nutrient concentrations of the upper halocline waters consistent with organic matter remineralization as described by, e.g., Jones and Anderson [1986] .
Surface Water pCO 2
Underway surface pCO 2 was consistently undersaturated with respect to the atmosphere (~390 μatm) in the central Arctic Ocean (Figure 5 ). The lowest values coincided with the ice edge at the shelf breaks north of Franz Josef Land (<150 μatm) and Severnaya Zemlya (190 μatm). Through the Nansen and Amundsen Basins along 60°E (Section I), pCO 2 increased as the salinity decreased with only a slight increase in temperature, reaching a maximum at 90°N (350 μatm). In the Canada Basin (Section III), pCO 2 decreased until reaching the Makarov Basin and the Lomonosov Ridge, where it increased while returning back to the Amundsen Basin (Section IV).
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Surface Water Δ(O 2 /Ar)
The biological oxygen supersaturation mirrored the pCO 2 distribution ( Figure 5 ) with a high degree of negative correlation (n = 1739, R 2 = 0.71, p < 0.001), reaching a maximum supersaturation of 21% along the shelf break where the pCO 2 minimum was observed. This is consistent with the notion that the pCO 2 signal is clearly controlled by biological processes. At, or just south of, the Gakkel Ridge (Section I) there was another peak in Δ(O 2 /Ar) reaching 13%, which was of similar magnitude as the peaks over the Mendeleev Ridge (10%) and north of Severnaya Zemlya (13%). The only biological oxygen undersaturation (À1.7%) was observed close to 90°N, implying that most of the surface waters along the transects were net autotrophic over the residence time of oxygen under the ice.
Estimates of NCP
Late summer NCP (mol C m À2 ) in the surface mixed layer in the central Arctic Ocean (Figure 5 ) was estimated by our four different approaches. Until leaving the Russian EEZ north of 85°N (13 August), only underway NCP O2/Ar estimates were available. Underway NCP pCO2 was assumed to be only representative where it could be constrained by discrete NCP DIC estimates. The range of NCP O2/Ar , indicated by the transparent envelope in Figure 5 , is a result of linear (lower limit) and nonlinear (upper limit) ice correction of the gas transfer velocity. The given estimates are presented as the average of the upper and lower limits. to the shelf north of Severnaya Zemlya. Low values similar to those found in the Nansen Basin were seen following the extension of the Gakkel Ridge toward the Laptev Sea (Section VI).
Discussion
The NCP in the central Arctic Ocean estimated by our different approaches ultimately depends on the supply of nutrients to the photic zone, as well as the availability of light. These two parameters are largely constrained by the hydrographic structure and by the sea ice conditions. Generally, the availability of light sets the onset of the growing season, and the nutrient supply the magnitude and duration of the primary production as nutrients are utilized until depletion during the growing season [Carmack et al., 2006] .
The Nansen Basin is influenced by inflowing Atlantic Water, providing nutrients to the subsurface layers that may feed the upper layers during winter convection, which reaches deeper in the Nansen Basin compared to the other deep basins. The nutrient maximum in the Makarov and Canadian Basins is the well-known signature of the upper halocline with its ultimate source being Pacific Water, which enters the central Arctic through the Chukchi and East Siberian Seas via Bering Strait Weingartner et al., 2005] . Pacific Water also feeds the western Amundsen Basin. As a result of biological consumption of nutrients, strong stratification, shallow winter convection, and a long transit time, these waters are generally depleted in nutrients and a low NCP is expected. This is similar to the conditions in the eastern Nansen Basin due to long advective timescales of Atlantic Water via the Barents Sea and Nansen Basin. In contrast, in the eastern Amundsen and Makarov Basins, shelf bottom waters with high nutrient concentrations are supplied to the subsurface waters by the continental shelf pump on a shorter timescale [Popova et al., 2013] .
Comparison of Approaches
In the central and eastern Nansen Basin, diverging estimates (up to 1 mol C m À2 ) were observed for the NCP O2/Ar and NCP pCO2 . Excluding the apparent discrepancies in the central and eastern Nansen Basin between 18 August and 12 September (Figure 5 ), there was a fairly high degree of correlation (n = 861, R 2 = 0.62, p < 0.001) between the NCP O2/Ar and NCP pCO2 estimates ( Table 2) . Estimates of discrete NCP DIC and NCP nuts agree with the general pattern of the underway estimates but with a large scatter, typically within ±0.5 mol C m À2 . NCP DIC indicates how well the NCP pCO2 approach is performing since they are derived from a similar approach. The former relies on discrete measurements, and the latter on underway pCO 2 measurements and a fixed TA-S relationship, assumed to be valid for the entire region of our study. They agree fairly well, acknowledging diverging estimates particularly in the Makarov Basin and toward the Laptev Sea.
In the Nansen Basin, NCP nuts followed the general pattern of NCP O2/Ar , with the exception of NCP C which was close to zero over the Gakkel Ridge. The largest discrepancies in NCP nuts with respect to NCP DIC were found in the Nansen, Amundsen, and Makarov Basins. NCP nuts were conspicuously divergent at stations 211, 216, and 221. NCP P has the smallest mean discrepancy compared to NCP DIC (Table 2) Loeff et al. [2014] suggests that gas exchange does not exceed expectations based on a linear scaling to percent sea ice cover, estimated from 222 Rn measurements during the cruise. Although little can be said about the residence time of O 2 as a result of poorly constrained gas exchange, it is expected to be much greater than in open water. Since sea ice seriously impairs gas exchange, O 2 might be expected to behave more like a nutrient with no gas exchange, especially in the beginning of the growing season prior to summer sea ice melt. In the surface ocean, the residence time of oxygen is approximately 1-2 weeks. Assuming the mean piston velocity of 0.3 m d À1 under the ice, and an average mixed layer depth of 21 m, the residence time of O 2 would be approximately 70 days, which is similar to the residence time of nutrients, and may partially explain the general overall agreement between the various methods.
Comparison to Other Estimates
Our late summer seasonal estimates of NCP (g C m
À2
) are comparable to the range of mean rates given by Codispoti et al. [2013] for the corresponding basins and subregions (Table 3) considering the overall uncertainty, acknowledging possible differences in both spatial and temporal resolution, as well as in methodology. The recent synthesis by these authors of nitrate-and phosphate-based estimates of the seasonal NCP, assuming a . Slopes and R 2 of the resulting linear regressions are given.
b Note that the underway estimates are only between 18 August and 12 September due to the apparent mismatch in Figure 5 prior to and after these dates. ) and southern Chukchi (40-120 g C m
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À2
) subregions.
It should be noted that since the NCP O2/Ar and NCP pCO2 approaches are based on underway surface measurements and thus only applicable in the uppermost layer, NCP estimates from the various approaches are compared over the depth of the summer mixed layer. This will represent a fraction of the total, since NCP is also expected below the surface layer. Nutrient deficits are, however, vertically integrated over both the summer and winter mixed layer, the latter representing the total NCP (Tables 3 and S2 ). The integration depth and time interval used by Codispoti et al. [2013] were chosen so that the highest yields of NCP were obtained based on changes in nitrate and phosphate. In the central Arctic Ocean this depth was at least 50 m and did not exceed 100 m, similar to our estimated winter mixed layer depths.
Our high NCP O2/Ar (up to 6 mol C m À2 ) in the marginal sea ice zone are of the same order of magnitude as estimates from the productive Bering Sea region based on the drawdown of DIC and nutrients [Cross et al., 2012; Mathis et al., 2010] , as well as mean NCP rates (88 ± 15 mmol C m À2 d À1 ) estimated for the coastal region of the Gulf of Alaska from Δ(O 2 /Ar) measurements [Palevsky et al., 2013] . The high rates are also comparable to previous estimates of new production associated with ice-edge phytoplankton blooms [e.g., Mundy et al., 2009] which are significant features of Arctic primary production [Sakshaug, 2004] and occur in all seasonally ice-covered areas from spring to late summer [Perrette et al., 2011, and references therein] . The blooms generally follow the receding and melting ice edge which provides light and nutrients but are highly variable in production both spatially and temporally.
Another possible spot of enhanced primary productivity was found by the biological oxygen supersaturation over a shallow seamount (~600 m) at the Gakkel Ridge in the Nansen Basin (station 207). A closer inspection of the individual data profiles ( Figure S3 ) at adjacent stations suggests a horizontal eddy-like feature that weakens the halocline and thus allows nutrients to be mixed upward into the photic zone. Local mixing events such as cyclonic and anticyclonic eddies can play an important role for the local productivity, especially in the deep basins, bringing up nutrients into the photic zone Tremblay et al., 2008] . Topographically induced mixing has previously been shown to be of importance at lower latitudes [Lueck and Mudge, 1997] , in the Weddell Sea around Maud Rise [Muench et al., 2001] , and to some extent also in the Arctic Barents ( Ocean [Rainville and Winsor, 2008] . The corresponding peak in NCP O2/Ar is less apparent than the Δ(O 2 /Ar) peak as a result of hampered gas exchange due to sea ice cover. Estimates of NCP nuts are even lower, which may be due to different integration timescales. While the nutrient approach integrates over the growing season, the O 2 /Ar approach integrates over the residence time of O 2 in the mixed layer.
Assumptions and Caveats
The approaches presented harbor common and independent assumptions, limitations, and uncertainties. It is impossible to estimate an absolute uncertainty for each approach. It should be noted that the overall uncertainty can be more than 100%, exemplified by the NCP O2/Ar estimates, which depend on the icecorrection method of the gas transfer velocity. Although the agreement between methods is encouraging, we cannot rule out common biases.
Stoichiometry and Growing Season
Varying elemental stoichiometry may be a significant source of uncertainty. The NCP estimates from the different proxies are interrelated through the nutrient stoichiometry, assuming Redfield C:N:P (106:16:1) ratios. Several studies suggest higher C:N:P ratios [e.g., Anderson and Sarmiento, 1994; Sterner et al., 2008] . Recently, Frigstad et al. [2014] evaluated the applicability of the Redfield C:N ratio in the Arctic Ocean and pan-Arctic shelves based on observations of particulate organic carbon (POC) and nitrogen (PON). They found significantly higher ratios on a regional basis (7.9 on average), except for the central Arctic Ocean (6.6), Chukchi (6.4), and East Siberian (6.5) Seas. In contrast, Tamelander et al. [2012] found an average C:N ratio of 9.7 for the central deep Arctic Ocean based on exported POC:PON ratios, implying up to 40% higher carbon export compared to Redfield-based estimates. However, although Redfield uptake ratios can vary significantly over short time scales, we assume a constant Redfield ratio to be approximately correct when averaged over the growing season [Codispoti et al., 2013; Hoppema and Goeyens, 1999] .
The assumption of a growing season of 90 days for the NCP O2/Ar estimates is somewhat arbitrary, ranging from 60 to 120 days in the literature [Anderson et al., 2003; Codispoti et al., 2013; Sakshaug, 2004; Wassmann et al., 2006] . Assuming a different growing season length leads to a proportional change in the seasonal NCP O2/Ar estimates.
Freshwater and Variability
Both the NCP DIC and NCP pCO2 rely on linear TA-S relationships. Large variable contributions of river runoff and sea ice meltwater in the summer mixed layer result in significant uncertainties. The difference between the measured TA in the summer mixed layer and that computed from salinity at the same stations using the linear relationship gives a mean of 4 μmol kg À1 with a standard deviation of 23 μmol kg
À1
. The largest discrepancies were found in the Canada Basin and the sections toward the Laptev Sea, where the linear relationship overestimates TA by~30 μmol kg À1 , whereas in the Makarov Basin it underestimates TA by 30 to 60 μmol kg À1 ( Figure S2 ). This procedure may underestimate the runoff concentration as a result of DIC consumption by primary production. However, the resulting computed pCO 2 is high (~1700 μatm) and in the same range as reported for the Lena River with around 600 μatm in summer and up to 5800 μatm in winter [Semiletov et al., 2011] , indicating that an underestimation is unlikely.
Nonconservative variability in TA concentrations can result from carbonate mineral precipitation or dissolution [Cross et al., 2013] . Calcifying plankton has been reported in the Barents and Bering Seas, but up to now not in any substantial amount within the central Arctic Ocean, making this a minor source of uncertainty for the NCP DIC estimates. In addition, CaCO 3 crystals (e.g., ikaite) have been observed to precipitate in the brine channels during sea ice formation and can be retained within the sea ice matrix during brine release [Fransson et al., 2013; Rysgaard et al., 2007] . This leads to a deficit in TA in the brine and elevated TA in the sea ice melt relative to its salinity. This process has been observed in local studies but has not yet been shown to make a large-scale impact. In addition, ikaite was not observed in the sea ice during the cruise (G. Dieckmann, personal communication, 2011) . Estimates of the freshwater fractions using δ
18
O have shown somewhat different results than the ones using TA, but they do not vary substantially [Yamamoto-Kawai et al., 2005] , supporting the use of TA for this purpose. Different studies use different definitions of the seawater endmember as well as site-dependent source water concentrations, only allowing for relative comparisons of general distribution patterns between studies [Lansard et al., 2012] .
The surface pCO 2 of the central Arctic Ocean is generally undersaturated with respect to the atmosphere. The state of undersaturation is set by increased gas solubility from cooling of the inflowing warm surface waters. Additionally, intense primary productivity over the inflowing seasonally sea ice-free marginal seas and the mitigating effect of the sea ice cover on the air-sea exchange promote undersaturation in the surface waters Bates and Mathis, 2009; Fransson et al., 2009] . Contributions of air-sea flux of CO 2 to NCP were explicitly excluded in the analysis, because they are estimated to be less than 5% assuming open water conditions (and likely less under sea ice), which is similar to other estimates [Hoppema and Goeyens, 1999; Mathis et al., 2010] . Temperature normalization of pCO 2 [Takahashi et al., 2002 has only a small effect on the estimated NCP, less than 0.005 mol C m À2 along the ice-covered transects and less than 0.05 mol C m À2 along the last transect toward the Laptev Sea, where the NCP is low. Considering the overall uncertainty and the small changes, temperature normalization of pCO 2 was neglected in the analysis. However, we cannot rule out pCO 2 undersaturation associated with advection of warmer waters into the ice-covered regions (i.e., advection faster than gas exchange equilibrium time).
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Nutrient Deficits and Temperature Minimum
The nutrient concentrations at the temperature minimum are acquired through linear interpolation between nearest neighboring sampling depths; however, the vertical resolution is often rather low (typically, surface 10, 25, 50, 75, 100, and 150 m). The uncertainty in the depth of the winter mixed layer from the determination of the temperature minimum is generally ±5 m. Data from ice-tethered profilers in the Canada Basin suggests that the maintenance of the winter convection (and the vertical mixing of nutrients) ends in May. However, the remnant of the winter mixed layer is conserved below the summer halocline, approximately at the depth of maximum winter convection until the end of summer, i.e., the time of our observations (August/September) [Korhonen et al., 2013] .
Ideally, at the depth of the temperature minimum, the temperature should be equal or close to the freezing point if it is to represent a true remnant of the preceding winter surface layer. In the deep basins, the temperature minima differ from the freezing point temperatures by an average of 0.12 ± 0.04°C ( Figure S4 ). Overall, the average depth of the temperature minimum defined here is prone to underestimation due to the entrainment of oceanic heat stored below the winter mixed layer. Input of freshwater can also lower the salinity below that of the actual temperature minimum, although entrainment of more saline water from below is more likely. This would also explain part of the difference in freezing point temperatures. How these uncertainties reflect on the assumed remnant winter nutrient concentrations at these depths is difficult to assess since there are very few recently measured winter concentrations available for comparison (Table S3 ).
Biological Oxygen Supersaturation
In the calculations of NCP O2/Ar , Ar is assumed to be at saturation. Under open ocean conditions, Ar can deviate from saturation by a few percent [Shadwick et al., 2014; Eveleth et al., 2014] , introducing an error of this magnitude in the NCP estimates . Under sea ice, deviation from saturation has been found to be more significant (up to 7% undersaturation during ARK-XXVI/3 reported by Eveleth et al. [2014] ). Although this error can be accounted for by concurrent optode measurements, this is a small error compared to the other sources of uncertainty described below.
One intrinsic assumption associated with the conventional application of the Δ(O 2 /Ar) approach for estimating NCP is that the biological O 2 efflux to the atmosphere balances NCP. In other words, the change in the biological oxygen inventory in the surface is assumed to be small relative to the flux to the atmosphere. This assumption is sometimes violated [e.g., Hamme et al., 2012; Martin et al., 2013] and likely violated within the ice-covered central Arctic Ocean. Under such conditions, NCP is best approximated by
where the last term on the right-hand side accounts for the time rate of change in the biological oxygen inventory within the mixed layer. Because we have no time series information, we cannot account for this term which could be substantial under sea ice. Another source of error is the vertical mixing of oxygendepleted waters, which is poorly constrained in the region, but vertical mixing is mostly strongly limited due to strong stratification. However, not accounting for both of these processes can lead to biases when computing NCP.
An additional significant and poorly constrained source of uncertainty is associated with gas transfer reconstructions. Some of the spatial variability observed during our cruise can potentially be attributed to Global Biogeochemical Cycles 10.1002/2014GB004833 differences in gas exchange. The influence of wind speed history on piston velocity has recently been explored by Bender et al. [2011] . Errors associated with the gas transfer velocity parameterization based on wind speed [e.g., Sweeney et al., 2007; Wanninkhof and McGillis, 1999] are likely of minor importance compared to the influence of ice cover on gas exchange in the region of our study. 5.3.5. Sea Ice Local sea ice features such as leads of open water and melt ponds can enhance productivity [Gosselin et al., 1997; Sakshaug, 2004] and CO 2 gas exchange [Else et al., 2013] . Small-scale features are not taken into account in the satellite-derived sea ice concentration along the transects and in the applied sea ice correction of the gas transfer velocity. In the sea ice-covered deep basins, no clear correlations were found between NCP or Δ(O 2 /Ar) with respect to sea ice concentration, sea ice type, surface solar irradiance, or heat input through sea ice and ocean, with the exception of the peak over the Mendeleev Ridge which corresponds to the region of highest light transmittance through thin first-year ice. The physical properties were acquired for the transects through interpolation of Arctic-wide maps (upscaled, 10 km grid) as given by Nicolaus et al. [2012] for August 2011. The lack of correlation might be due to differences in spatial and temporal resolution between the methods and data sets or the fact that sea ice is dynamic (e.g., drifting, sea ice melt, and melt ponds) throughout the productive season. Another alternative is that the signature of NCP in the water column is integrated over a time period when the water has transited an area of diverse sea ice coverage.
Summary and Conclusions
Large-scale patterns of NCP were derived using four approaches for the deep basins of the Arctic Ocean during late summer. Even if large uncertainties are associated with the approaches, it is obvious that there is a large variability in NCP over the studied area: the spatial distribution revealed by the different approaches is quite similar. Much of the spatial variability and magnitude can be ascribed to the complex and heterogeneous hydrographic and biogeochemical structure of the upper layers of the Arctic Ocean, both leading to different biological regimes. This variability is likely a function of sea ice concentration, vertical mixing, and water mass circulation, all of which are predicted to change in the future. The sea ice concentration impact NCP by attenuating light conditions in the underlying waters, while vertical mixing and water mass circulation contribute to the nutrient supply.
High rates of late summer NCP (up to 6 mol C m
À2
) were observed at the ice edge and shelf break north of Franz Josef Land and Severnaya Zemlya. Low values (<1 mol C m À2 ) were found in the sea ice-covered deep basins, with a strong spatial variability. Lowest values were found in the Amundsen Basin. Moderate NCP were observed in the Nansen and Makarov Basins, with slightly higher estimates over the Mendeleev Ridge. The ice-edge regime is a special feature where several conditions may promote NCP. First, a wind parallel to the ice edge promotes upwelling, supplying new nutrients. Second, the withdrawal of the ice during the productive season exposes surface water of higher nutrient concentrations. Both the nutrients and light availability may lead to the higher NCP observed at the marginal ice zone.
Nutrient concentrations were close to depletion in the shallow surface layer. Surface pCO 2 was consistently undersaturated with respect to the atmosphere (but highly variable) and mirrored the Δ(O 2 /Ar) with a high negative correlation, consistent with the notion that biology is the main driver of pCO 2 variations. It should be noted that the signature of the waters in the central Arctic Ocean is slightly modified during its route to the region. It is not possible to pinpoint the location of all the processes causing this signature. Surface waters along most transects were net autotrophic on a time scale of the residence time of oxygen under the ice. An apparent peak in Δ(O 2 /Ar) was observed just south of the Gakkel Ridge in the Nansen Basin and may result from an eddy-like feature that weakens the halocline, allowing nutrients to be transported into the surface layer. An alternative explanation is topographically induced mixing connected to the crossing of a shallow seamount at the Gakkel Ridge.
Our study presents high-resolution and large-scale interbasin NCP variability within the central Arctic Ocean. Our observations thereby provide further constraints on biological activity in the understudied sea icecovered region and may help with the increasing effort to model the central Arctic Ocean biogeochemistry.
Our findings support a coupling of NCP to sea ice coverage and nutrient supply and thus stress a potential change in spatial and temporal distribution of NCP in a future Arctic Ocean. In a situation with substantial Global Biogeochemical Cycles 10.1002/2014GB004833 decrease in summer sea ice coverage, it is highly likely that the NCP will change both in magnitude and in the spatial distribution. To follow the evolution of NCP in space and time, it is suggested to apply one or several of these approaches in shipboard investigations with a time interval of 3 to 5 years. In the future these studies may be achievable by employing autonomous platforms, but at present all the sensors needed do not have the quality necessary for these investigations in the ice-covered Arctic Ocean. The data for this paper are available according to: physical oceanography data ; carbonate system data [Anderson et al., 2011] ; nutrient data, to be submitted to PANGAEA (http://www.pangaea.de/); underway pCO 2 data, submitted to SOCAT version 3 (release in 2015); underway O 2 /Ar data [Eveleth et al., 2014] . NCP results in Figure 5 
